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ABSTRACT

The effects of eddies in a primitive equation ocean model configured in a single hemisphere domain with
circumpolar channels at their poleward ends are investigated; in particular, two regimes for the mass
balance in the channel are investigated. With small overlying winds, the channel stratification is largely set
by diffusion operating in the gyre portion of the domain: the depth scale varies with a fractional power of
the diffusivity but has little dependence on the wind stress. As the winds are increased, the depth becomes
increasingly controlled by a tendency toward small residual circulation. In this limit, a scaling theory is
derived for the stratification in the channel that predicts the overall depth of the thermocline as a power of
the wind stress and that allows the eddy length scale to differ from the channel length scale. The predicted
depth depends on the details of the closure chosen for the eddy buoyancy flux, but in general it varies as
some fractional power of the wind stress, and a channel-only numerical simulation agrees well with this
prediction. When a gyre region is added to the channel, vertical diffusion in the gyre exerts some control
on the channel stratification even at higher winds, forcing the mass balance into a mixed regime in which
both eddy and diffusive effects are important. The depth scale varies less with the wind stress than in a
channel-only configuration, and the residual mean circulation in the channel is maintained by the conver-

gence of cross-isopycnal eddy buoyancy fluxes.

1. Introduction

Understanding the stratification of the ocean is a
classical problem in physical oceanography. Much at-
tention has focused, naturally enough, on the subtropi-
cal gyre and an ocean devoid of baroclinic eddies, and
a reasonable understanding of that problem has
emerged (Welander 1959; Stommel and Webster 1962;
Samelson and Vallis 1997; and others). If, and realisti-
cally, baroclinic eddies are allowed to form, the prob-
lem becomes more difficult because it becomes depen-
dent on understanding the transport properties of the
baroclinic eddies, itself at least in part a problem in
geostrophic turbulence. Nevertheless, although meso-
scale eddies undoubtedly do affect the structure of the
western boundary current and the subtropical ther-
mocline (Radko and Marshall 2004), the basic structure
suggested by Samelson and Vallis (1997)—that is, an
upper-ventilated thermocline with a diffusive base—is
still recognizable. The main difference, found by Hen-
ning and Vallis (2004), is that the dynamical balance in
the base of the thermocline involves mesoscale eddies,
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as well as diffusion and mean advection, and its mean
thickness does not appear to collapse to zero in the zero
diapycnal diffusion limit. Even though the eddy kinetic
energy is an order of magnitude larger than the mean
kinetic energy, the eddies do not wholly dominate the
thermocline structure.

However, this picture does not necessarily hold over
the rest of the ocean, and in particular, in the Antarctic
Circumpolar Channel (ACC), which remains un-
blocked by topography down to a depth of about 2500
m. Such a channel can have no net mean geostrophic
meridional flow, since the longitudinal integral of the
longitudinal pressure gradient is zero. In an ocean with-
out eddies this leads to the formation of near vertical
isopycnals in the channel (Vallis 2000), which are highly
baroclinically unstable. It therefore is possible that the
eddies would play a leading-order role in setting the
channel stratification and hence (via thermal wind) the
zonal transport in the channel.

Making various assumptions about the behavior of
eddies, a number of investigators have suggested ways
in which the transport of the ACC might then depend
on wind stress (e.g., Johnson and Bryden 1989; Straub
1993; Marshall et al. 1993). These particular studies are
all based at least partially on quasigeostrophic dynam-
ics, which do not allow the stratification to change with
the wind stress and which may not be valid for the ACC
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(Killworth and Nanneh 1994). In the Fine Resolution
Antarctic Model (FRAM) of the ACC, Doos and
Webb (1994) showed that the diabatic circulation
largely disappears when eddies are included, owing to a
partial cancellation between the mean and eddy circu-
lation. More recently, several studies have emerged
that derive solutions for the channel thermocline depth
under the assumption that this residual circulation
should be close to zero. Karsten et al. (2002) find a
scaling dependence on the wind stress to the first power
and Marshall and Radko (2003) derive a solution for
the stratification using the method of characteristics un-
der this assumption. These studies both prescribe the
surface buoyancy flux, while Gallego et al. (2004) un-
derscores the importance of allowing the surface fluxes
to adjust to the flow patterns (e.g., by using a restoring
scheme), and they show that when the interior diabatic
fluxes are small, the residual flow and surface buoyancy
fluxes are necessarily weak. These studies have found
success in idealized model simulations based on weak
residual mean flow, but analysis of notoriously sparse
data in the ACC is less conclusive. Karsten and Mar-
shall (2002) found that while the eddy and mean circu-
lations do tend to oppose each other in the observa-
tions, the residual mean flow can remain a third to a
half the magnitude of the mean circulation, suggesting
the zero-residual-mean condition may not be wholly
appropriate in the real ocean.

The above evidently give conflicting evidence about
the exact dependence of the transport and stratification
on the wind stress, although their results underscore the
importance of considering a realistic surface thermody-
namic forcing and on resolving (or at least permitting)
eddies if any progress on the question is to be made. In
addition, all of these studies focus on a channel-only
domain; because the channel isopycnals must connect
smoothly with those of the subtropical gyre, it is pos-
sible that the channel stratification may be affected by
the presence of the gyre and vice versa (as in Vallis
2000), and these considerations have motivated the
present study. In particular, we explore the stratifica-
tion and transport properties of a simply configured
primitive equation model with a re-entrant, circumpo-
lar channel adjacent to a subtropical gyre, as a simple
model of the Southern Ocean. The simple geometry
allows reasonably high horizontal resolution and ex-
tended integration periods to be achieved with a rea-
sonable (but not comprehensive) range of parameters.
Both thermodynamic and wind forcing are included.
The numerical simulations are complemented by vari-
ous theoretical arguments involving simply eddy clo-
sures and transformed Eulerian mean and residual
mean diagnostics.

In section 2, we describe the model configuration. In
section 3, we examine the qualitative structure of the
eddy-permitting base case. We look at the stratification
structure, the overturning circulation, and the buoyancy
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FiG. 1. A schematic drawing showing the domain used in this
modeling study. The domain is a box with a channel at the pole-
ward end. The channel is subject to a periodic boundary condition
and represents the Antarctic Circumpolar Current in this simple
geometry.

equation balance, and we see that the diapycnal circu-
lation is balanced by explicit vertical diffusion in the
gyre but by a small diapycnal eddy flux convergence in
the channel. In section 4, we investigate two regimes
that control how the stratification depth and transport
vary with the wind stress and diffusion, one in which the
residual mean transport tends toward zero and holds
for higher winds, and one in which the depth scale is
largely set by diffusion in the gyre and holds for lower
winds. In section 5, we analyze the model results and
find that gyre processes affect the channel stratification
for all wind values. In section 6 we present a summary
and discussion of the results.

2. Model configuration

We use the Modular Ocean Model, version 3,
(MOM3; Pacanowski and Griffies 1999) primitive
equation model in an idealized configuration, shown
schematically in Fig. 1. The domain is from 52° to 8°S
and is 24° in longitude. At the surface, the vertical reso-
lution is 35 m, stretching to 75 m at 600-m depth and
260 m at 4300-m depth (the domain bottom), giving a
total of 31 vertical layers. A channel with a periodic
boundary condition is present at the poleward end from
latitudes 40° to 52°S. In one base case, this channel is
left unblocked to any topography; in a second case, the
channel is blocked at the first and last grid point in the
logitudinal direction for all latitudes in the channel by a
ridge that rises 2000 m high, leaving 2300 m unblocked.
In the remainder of the paper, we will refer to the
channel region and also to the remainder of the do-
main, which we will call the “gyre region.”
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FIG. 2. Standard wind stress used in the base case. The wind
stress curl has a maximum near 23°S.

The wind stress pattern is given in Fig. 2 so that the
wind stress curl changes sign near 35°S. This leaves a
rather small subpolar gyre between 35°S and the chan-
nel boundary. Temperature is the only active tracer and
the surface temperature is restored to a linear profile
that varies only in the latitudinal direction with a re-
storing time scale of 35 days, so that the net heat input
is 50 Wm ?°C ..

Integrations were first performed with a relatively
low-resolution grid with a latitudinal grid spacing of 2°
and a variable longitudinal resolution such that the grid
cells were everywhere almost square (we refer to this as
a 2° grid). These cases were integrated with the smallest
Laplacian horizontal diffusivity that maintained stabil-
ity (50 m? s™!). This is about an order of magnitude
smaller than the diffusivity typically used to mimic eddy
mixing and no Gent-McWilliams eddy parameteriza-
tion scheme (Gent et al. 1995) was used so that these
runs can be considered “noneddying.” In general, the
resulting horizontal diffusion term is much smaller than
the vertical diffusion term in the tracer equation, so that
there is little horizontal diapycnal diffusion associated
with the sloping isopycnals away from the western
boundary current. This low-resolution run was inte-
grated for approximately 10 000 yr to reach equilibrium
and was then interpolated onto a ¥4° grid and the inte-
gration continued. In this case, vigorous eddies form in
the channel and in the western boundary region. The
subgrid-scale closure for momentum is a biharmonic
scheme with coefficient A, = 1 X 10" m*s~'. For tem-
perature, we use the Gent—-McWilliams scheme, but
with a very small coefficient kgy = 8 X 107! m?s ™.
This parameterization removes power at the grid scale
without the large diapycnal mixing associated with a
conventional horizontal mixing scheme. However, the
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coefficient is small and does not significantly affect the
buoyancy budget.

The two eddying base cases were run for over 1700 yr
(see Table 1). In general, the upper-ocean equilibrated
first, with the deeper ocean equilibrating more slowly.
We found that equilibration was largely accomplished
after this period, although there is still a very small
tendency in the abyssal ocean in the case without to-
pography. We also ran several different wind strengths
and diffusivities for the base case that included the to-
pographic ridge. These were started either after 600 yr
of the base case or from their own low-resolution
spinup case. In general, the cases started from the
equilibrated runs took around 100-200 yr to re-
equilibrate the upper 1500 m.

3. Eddying base case—A qualitative overview

Estimating the first baroclinic radius of deformation
as NH/f and using H = 1500 m gives a radius of defor-
mation of 35 km at 45°S in the center of the channel. At
this latitude, the model resolution is 20 km, suggesting
that the first radius of deformation is just resolved in
the channel. Typically, baroclinic eddies have a scale of
a few times the deformation radius, both because the
fastest growing eddy typically has a length scale of a few
times the deformation radius (4 times in the Eady prob-
lem) and because of the nonlinear cascade to larger
scales, so our resolution should be sufficient to permit
eddy formation.

Figure 3 shows the eddy kinetic energy at the surface
averaged around the channel. Using Geosat altimeter
data the average eddy kinetic energy in the ACC be-
tween 30° and 60°S is 0.0159 m?s ™2, with locally large
values of 0.1 m* s~ % in Drake Passage and 0.3 m? s~ 2 in
the Agulhas Current region (Wilkin and Morrow 1994).
In our model, the eddy kinetic energy is largest near the
channel boundary, is still significant at 45°S, but then
diminishes south of this latitude. The average value in
the channel is 0.0224 m? s™2, suggesting a root-mean-
squared velocity of 0.150 m s~ '. Evidently, the eddy ki-

TABLE 1. A summary of the experiments run with varying
winds. The eddying case is started from a low-resolution spinup
run for 10 000 yr or from the final state of another eddying run as
noted.

With Length of eddy

ridge Initial condition simulation (yr)
No wind Yes  Winds X 0.2 case 80
Wind X 0.2 Yes  Winds X 0.75 case 100
Wind X 0.75  Yes  Low-resolution spinup 390
Base case No Low-resolution spinup 1745
Base case Yes  Low-resolution spinup 1835
Wind X 1.5 Yes  Low-resolution spinup 425
Wind X 2 Yes  Winds X 3 case 70
Wind X 3 Yes  Winds X 1.5 case 160
Wind X 5 Yes  Winds X 3 case 105
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Fi1G. 3. The surface eddy kinetic energy averaged around the
longitudes of the channel (m? s~2).

netic energy is sufficiently large to be of the same order
as the real ocean in the circumpolar current.

a. Density structure

Figure 4 shows the potential temperature (here,
equivalent to density) sections for the low-resolution
and eddying cases both with and without the topo-
graphic ridge. In the low-resolution case without topog-
raphy, the coldest water is largely trapped in the chan-
nel similar to Vallis (2000). When the ridge is added,
deep stratification forms beneath the level of the ridge.
In the eddying cases, the two cases are less easily dis-
tinguished. In the case with topography, eddies have
formed as a result of baroclinic instability and have
eroded away the available potential energy (APE) as-
sociated with steeply sloping isotherms until the iso-
therms are nearly parallel within the channel. The
stratification is above the topography so that none of
the outcropping layers are blocked by topography. The
case without topography looks similar to the topogra-
phy case; the main differences are the deep 4°C water
(which we find continues to rise slowly as the model is
integrated further) and the slope of the isotherms in the
channel. The latter tends to be somewhat steeper than
the corresponding topography case slope. Thus, rather
unlike the non-eddying model in Vallis (2000), the pres-
ence of topography in our eddying model does not im-
mediately lead to deep stratification and the abyss fills
with the coldest water available at the surface.

b. Overturning circulation

To understand how the eddies help to maintain the
thermal structure shown in Fig. 4, we examine the re-
sidual overturning stream function for the eddy-
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permitting case. To do so, we calculate the streamfunc-
tion along density surfaces,

z[b. A p(db.A0)]
Vo = J f ¢, A, z', )R cos(A) dz' dd,
channel J z=—H(¢)

1)

where A is the longitude, ¢ is the latitude, z = —H()
is the ocean floor, and z(¢, 6, p) is the depth of an
isopycnal (e.g., Doos and Webb 1994). Here, the
streamfunction is the integral of the instantaneous ve-
locity in longitude and from the bottom to the depth of
a given instantaneous density surface. (This represen-
tation is to be compared with the usual mean overturn-
ing streamfunction in which the time-mean velocity is
integrated up to constant depths rather than constant
density surfaces.) The residual mean is then obtained
by time averaging many such snapshots and mapping
back to depth coordinates using the time-averaged
depth of each isopycnal. McIntosh and McDougall
(1996) have shown that the above representation is
equivalent, to leading order in the perturbation ampli-
tude, to the residual circulation calculated in depth co-
ordinates, using the “transformed Eulerian mean” for-
mulation of Andrews and MclIntyre (1978). Figure 5
shows the mean streamfunction (upper), the eddy
streamfunction (middle), and the residual mean
streamfunction (lower) for the case with topography,
where the mean (velocity integrated to depth surfaces)
and residual mean (velocity integrated to density sur-
faces) are calculated as explained above and the eddy
streamfunction has been deduced as the difference be-
tween the two. The solid lines represent clockwise ro-
tation and the dashed lines represent counterclockwise
rotation. The time and longitudinally averaged isopyc-
nals are also shown in the figure.

1) CHANNEL REGION

In the channel region, the mean equatorward Ekman
flow out of the upper layer is returned near the level of
the topography and then lifted at the poleward domain
boundary. The eddy circulation is in the opposite direc-
tion, and the counterclockwise rotation releases the
available potential energy stored in the stratification,
consistent with baroclinic eddy formation. The residual
mean streamfunction, as the sum of two opposing cir-
culations, is smaller in magnitude than either the eddy
or mean streamfunctions, with the average ratio of re-
sidual to mean equal to 0.5 in the core of the circulation
(near 500-m depth and 42°S). The residual is poleward
at the surface, in accordance with a surface buoyancy
flux from the ocean to the atmosphere in the channel
(not shown), and equatorward at depth. This residual
mean circulation must be balanced locally by a diabatic
process, either background diffusion or an explicitly di-
apycnal eddy term. To determine which, Fig. 6 shows
the buoyancy equation terms near the channel bound-
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Fi1G. 4. Potential temperature section for the low-resolution case (top left) without topography and (top right)
with topography for the eddy-permitting case (bottom left) without topography and (bottom right) with topogra-
phy. The topography is a ridge that partially blocks the channel, and the height is shown as a dotted line. The
channel boundary is also shown with a dotted line. The temperature sections are all averaged from 9° to 13°E in
the center of the domain. The contour interval is 1°C in the channel and 2°C elsewhere.

ary (averaged from 39° to 41°S) for the eddy-permitting
case (left) and eddy-permitting case in the transformed
Eulerian mean (TEM) form (right). Here, the eddy
quantities are the deviation from the time and longitu-
dinally averaged quantities, so that the eddies contain
the contribution from the transient and standing eddies.
The buoyancy equation in steady state is then

vb, +wh, = —('b"), — (W'b"), + k.. )

for the eddying case and
W+ v9)b, + (W +wHb, = -G_+kb..  (3)

for the TEM form of the eddying case, where

vb'\ (VD
=[5 ()

is a two-dimensional “eddy-induced velocity” and

4)

Vb -Vb

=— 5
ob/oz )

and the reader can then verify that

G, +v-Vb=V-vb'. (6)
Here, G, captures the contribution to the eddy flux
convergence from the cross-isopycnal eddy fluxes and
v¥b + w*b_ captures the contribution from the along-
isopycnal eddy fluxes. Figure 6 shows the balance of
terms in the buoyancy equation in the channel region
near the boundary in terms of the eddy convergences
(left) and also in the TEM form (right). In this bound-
ary away from the surface, the mean vertical advection
is balanced almost entirely by the eddy flux conver-
gences, so that in the TEM formulation, the along-
isopycnal flux convergence, v*b,+ w*b_ primarily bal-
ances the mean vertical advection, wb.. Further analy-
sis reveals that the dominant eddy advection term is
w*b_ and the residual advection is largely (w + w*)b_ ~
0. To the extent that this residual is not zero it is bal-
anced locally by the G, term. The explicit diffusion
term is small and not discernible on the figure. Note
that the eddies have created uniformly spaced isopyc-
nals, presumably a consequence of their tendency to
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F1G. 5. (top) Mean, (middle) eddy, and (bottom) residual mean overturning streamfunction
for the base case with topography. The mean circulation is found by integrating the mean
velocity down to constant depth surfaces, and the residual is found by integrating down to
density surfaces, with the eddy being the difference between the two. The solid lines indicate
clockwise rotation, and the dashed lines indicate counterclockwise rotation. The contour
interval is 0.25 Sv (1 Sv = 10° m® s™!). Also shown are the time-averaged isothermals, with a
contour interval of 1°C (from 4° to 18°C). The channel boundary is near 40°S.
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homogenize potential vorticity or thickness, which are
very similar if the effects of B are small. In such a re-
gion, Laplacian diffusion is necessarily small. Thus, in
this region the residual flow is balanced by the cross-
isopycnal eddy flux convergence and not by explicit
vertical diffusion,

W+ w*)b, ~ G.. (7)

This balance was also found in a wind-forced channel
model by Gille and Davis (1999).

2) GYRE REGION

Figure 7 shows the buoyancy equation terms in the
gyre portion of the case with the topographic ridge,

where now the average is only in time and the eddy
quantities include only the transient eddies. The terms
are averaged from longitude 6-8 and from 25° to 15°S.
Here, the residual circulation is small and crosses iso-
pycnals down to 400 m in the internal thermocline re-
gion. Along isopycnals that outcrop in the channel, the
circulation tends to be small but does appear to cross
isopycnals, especially near 25°S where the wind stress
curl is at a maximum. Any net residual circulation into
the thermocline will have to be balanced by a diapycnal
process.

The balance between 500 and 1500 m, or the location
of the isotherms that outcrop in the channel, is largely
between the upwelling advection and the eddy terms,
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F1G. 6. The buoyancy equation terms in the channel boundary region of (left) eddy-permitting case and (right)
eddy-permitting case in the transformed Eulerian mean form. The terms are calculated using mean variables that
have been averaged in longitude and time so that the eddy terms include both the transient and standing eddy
contributions. The terms: negative horizontal advection (—ub,), negative vertical advection (—wb_ ), vertical
diffusion (k,b,,), horizontal eddy convergence [ — (v'b"),], vertical eddy convergence [ — (w'D’,)], along-isopycnal
eddy convergence (—v*b, — w*b,), cross-isopycnal eddy convergence (—G,), and the residual, or the sum of the
above terms. The residual contains contributions from the time tendency, the convection, and any numerical

CITors.

with any difference being balanced by the diffusion. In
this region, G, is small and the diapycnal flux is accom-
plished by the explicit diffusion. This balance is the same
as we found in a similar eddy-permitting box only study
(Henning and Vallis 2004), suggesting the gyre dynamics
are not strongly affected by the presence of a channel.

4. Scaling theory for stratification and transport

We now consider the variation of the density struc-
ture and transport with the diffusivity and wind stress.
We begin with a conceptual picture of how the circula-
tion can vary with the wind stress and examine two
limits in the case of varying winds. As pointed out by
Gnanadesikan and Hallberg (2000), the mass balance in
a two-layer channel can be closed in two ways. The
wind stress drives an equatorward flow out of the chan-
nel in the upper layer and geostrophic return flow in the
lower layer. To close this circulation, the eddies can
drive a poleward mass flux in the upper layer equal in
magnitude to the Ekman flux and an equal but opposite
eddy mass flux in the lower layer. In this case, there is
no net mass flux in either layer and the residual mean
circulation is zero, as summarized in Fig. 8 (left-hand
side). Alternatively, there can be a direct diapycnal
mass flux from the lower layer to the upper layer near
the poleward boundary to close the circulation. In this
latter case, there will be a net residual mean circulation
and some diapycnal process will be necessary to sustain

the circulation. This scenario is summarized in Fig. 8
(right-hand side).

In section 3b, we observed that in the base case, the
residual circulation is smaller than the mean circulation
in the channel. Previous studies (e.g., Johnson and Bry-
den 1989; Karsten et al. 2002) derive scaling theories by
assuming the residual circulation is zero in the channel.
This is not strictly true in our base case. However, Fig.
9 shows the ratio of the residual mean to the mean
circulation for a variety of wind stresses in the model
simulations (further details of these runs will be given
in section 5). The abscissa shows the normalized wind
stresses as compared with the base case wind stress. For
winds lower than 0.75 times the base case, the relation-
ship is not monotonic, suggesting these values lie in a
different regime. However, as the winds are increased
beyond this value, this ratio becomes very small with
increasing winds, suggesting that the tendency toward
zero residual mean circulation plays a role in setting the
stratification for higher winds. However, at low winds,
we will see that the gyre diffusion is responsible for
setting the stratification, and not the zero-residual-
mean condition. Thus, we proceed by assuming there
are two regimes, a regime of low residual mean circu-
lation at high winds, and a regime of a substantial, dif-
fusively driven residual mean circulation at low winds.
We will examine these two regimes separately, and
then investigate the empirical scaling for varying winds
within the model.
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F1G. 7. The same as Fig. 6, but in the middle of the gyre portion of the model. The average is now only in time,

and so the negative horizontal advection becomes (—ub,

— vb,) and the horizontal eddy flux convergence becomes

[-('D"), — (v'D"),]. The terms are averaged away from the western boundary region, for longitudes 6-8 and from

25° to 16°S.

a. The zero-residual-circulation condition

To derive a depth scaling under the zero-residual-
mean condition, we will proceed similarly to Karsten et
al. (2002) by setting the mean Ekman streamfunction,
given by ¢ = 7/(p,f) = 7/f equal to the eddy stream-
function, given by ¢* = (v'b")/b,, and assuming the
eddy flux can be parameterized as a downgradient flux
of buoyancy, v'b' ~ KeBy. Taking the horizontal and
vertical variation in the buoyancy to be the same, then

kD
L b

Pt~ ®)

where L is the channel width, D is the stratification

N Eddy Advection ...
N
N

\
... Balances Mean Advection

No Diapycnal
Processes

Depth

depth, and «, is the eddy diffusivity. Equating y and ys*
and solving for D yields

7, L

kS

It remains to determine the eddy diffusivity k,, and in
general this diffusivity will contain a dependence on the
depth scale itself. We assume that this diffusivity can be

parameterized as a root-mean-squared velocity multi-
plied by an eddy length scale,

D )

Kk, ~ U,L,. (10)

To proceed, we must prescribe a scaling for the eddy

B ———

Residual Mean Advection ...

... Balanced by \'
a Diapycnal Process :

Diffusios
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Pole Latitude Equator

Pole Latitude
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FIG. 8. A schematic diagram showing the assumption about the two regimes describing the circulation in the
channel. The (left) first assumes that there is zero residual circulation in the channel, whereas the (right) second
is a wholly thermodynamic balance in which a diapycnal process must balance a cross-isopycnal net mass flux.
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F1G. 9. The ratio of the residual mean circulation to the mean circulation at 500-m depth in
the core of the circulation (42°S) for a variety of wind stress values. The x axis is the wind

stress normalized by the base case wind stress.

velocity and length scales. Unlike Karsten et al. (2002),
we will allow the eddy length scale to differ from the
channel length scale and the eddy velocity scale to dif-
fer from the mean thermal wind scale. Following Lar-
ichev and Held (1995), we assume that the eddy energy
will be equipartitioned between the kinetic energy and
available potential energy, an assumption that links the
eddy velocity and eddy length scale. Then,

b
v?~ IR (11)
or
e
v~ ]yvz ) (12)
Using N> ~ Ab/D, and solving for U,,
172 Le
U, ~ (AbD)"> . (13)
or using (10),
L2
K. ~ (AbD)"? f , (14)

so that given L., this gives the scaling for k, under the
equipartition assumption.

Regarding the eddy length scale, eddies will tend to
form near the radius of deformation, ND/f, and eddy

kinetic energy will cascade upscale through nonlinear
interactions. On the B plane, the cascade will be ar-
rested near the Rhines scale, Ly, ~ (U,/B) (Rhines
1975; Vallis and Maltrud 1993). However, if the Rhines
scale is larger than the channel width scale, then the
cascade will proceed all the way to the channel scale. In
our simulations the Rhines scale is typically smaller
than the channel scale and the zonal current organizes
in bands at about the Rhines scale (not shown). Taking
this as the relevant length scale, then (U,/8)"* ~ (U,al
f)2, where a is the radius of the earth. Then, using (14)

(AbD)*? [ a\2
K"NfZ—L 7/ (15)
and using (9) gives finally
T sz 2/5 L 4/5
b (Ab”) <5> ’ (1o

where the details are given in the appendix.

The above ideas suggest that as the wind stress in-
creases, the depth scale will increase until the eddy
streamfunction can entirely balance the mean stream-
function and the residual streamfunction is zero. For
this particular choice of eddy closure and eddy length
scale, we predict the depth will vary as the wind stress
to the 2/5 power. Alternatively, we might have assumed
the length scale is either the deformation radius, which
predicts that D ~ 7 and differs from (16) only by the
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FiG. 10. A potential temperature section in the center of the domain for the case with no
winds (and including topography). The solid lines are the case using the base diffusivity (2 X
107> m?s™'), and the dashed lines use 2 times this diffusivity. The isotherms run from 5° to
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20°C, with a contour interval of 2°C.

factor (L/a)*”, or the channel scale, which predicts D ~
7" under the equipartition assumption or D ~ 72 if
instead U, is assumed to be given by the thermal wind
equation (as in Karsten et al. 2002), where the details
are given in the appendix. All of these predictions are
slightly different but predict that the depth scale will
vary with the wind stress, with the power dependence

close to 7.

b. Zero wind stress: The diffusive limit

In the other limit the mass flux is cross-isopycnal and
is driven by a diapycnal process. Based on Fig. 9, we
expect this limit may be more important for lower
winds, where the residual mean remains a significant
fraction of the mean. It is useful, then, to explore a case,
which has no wind stress at all. In this case, there is no
Ekman flux, but there is surface buoyancy forcing via a
restoring term. This buoyancy forcing leads to eddies in
the channel, since the no-net-meridional-flow condition
creates steep isopycnals which become baroclinically
unstable. However, these eddies are somewhat less vig-
orous than the eddies in the cases with winds. In the
gyre, the buoyancy sources created by the forcing can
be easily redistributed in the horizontal by meridional
flow, there is no source of APE, and there is little eddy
activity.

In the absence of diapycnal processes, the eddies will
tend to reduce the stratification to a thin surface layer.
However, if background vertical diffusion is present, it

will tend to pull the warm surface water downward and
deepen the stratification. Figure 10 shows the potential
temperature section in the no-winds case near the cen-
ter of the domain for the base diffusivity (k, =2 X 10>
m? s~ !, solid) and for a case with double the diffusivity
(dashed). The cases are similar, and the tightest strati-
fication is confined to within 200-300 m of the surface,
with the coldest isotherms reaching down to about 1000
m, and the case with stronger diffusion has deeper
stratification. Figure 11 shows the terms in the TEM
form of the buoyancy equation in the eddy-permitting
no-winds case with base diffusivity in the gyre (left) and
channel (right). In the gyre, the vertical advection is
balanced by the background diffusion, so that the dif-
fusion is responsible for setting the stratification depth.
On the other hand, in the channel, the vertical diffusion
term is small. Here, the isotherms are more uniformly
spaced so that Laplacian diffusion is necessarily inef-
fective. Instead, the stratification is maintained by the
diapycnal eddy term, G, and not by the explicit diffu-
sion.

However, the stratification in both the gyre and
channel are consistent with a diffusive balance scaling.
In the gyre portion of the domain, the vertical advec-
tion is balanced by vertical diffusion and the ther-
mocline behaves as a diffusive front so that we would

expect
Kquz 1/3
6~< Ab ) (17)
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Fi1G. 11. The terms in the transformed Eulerian mean form of the buoyancy equation for the no-winds case in

(left) gyre and (right) channel. The gyre terms are averaged from 6° to 8°E as in Fig. 7, and the channel terms are
averaged around the channel.

(Robinson and Stommel 1959; Bryan 1987), where & Figure 12 shows a log—log plot of the stratification
represents the total stratification depth, k, is the vertical  thickness as a function of k, in the eddy-permitting case
diffusivity, L is the domain scale, and Ab is the surface  with no winds. In the channel, this thickness is calcu-
buoyancy change and is close to the restoring value. lated as the depth of the subsurface maximum in the

O Channel D
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F1G. 12. A log-log plot of the channel stratification depth (circles) and gyre stratification
thickness (stars) as a function of the diffusivity in the case with no winds. The diffusivity and
depth values have been normalized by their base case values. Also shown is a line whose slope
is consistent with a dependence on the diffusivity to the third power. In general, both the
channel and gyre depths support a dependence on the diffusivity to the one-third power.
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FiG. 13. A log-log plot of the depth of the stratification (stars), the total zonal transport
(circles), and the baroclinic transport (triangles) as a function of the wind stress. The variables
have been normalized by the no-winds case and the wind stresses are normalized by the base
case value. The no-winds case, shown on the left side of the plot, is given a wind stress of 0.000
01 so that it appears on the log plot. Also shown are lines whose slopes are consistent with a
dependence on the wind stress to the one-half and one-fourth power.

temperature gradient profile. In the gyre, the depth is
defined as the half width of the temperature gradient
profile for the isotherms that outcrop in the channel.
The thicknesses and diffusivities have been normalized
by the case run with k, = 2 X 107> m? s~ ', In both the
channel (circles) and gyre (stars), the thicknesses sup-
port the dependence on the diffusivity to the one-third
power. In the channel, the explicit diffusion is small, but
the stratification depth is still consistent with a diffusive
balance, suggesting the eddy diapycnal terms in the
channel at least in part owe their existence to the gyre
diffusion.

c¢. Comparison of the depth scale in the two regimes

Thus, we have two separate scaling predictions based
on different regimes. For low winds, the Ekman trans-
port is small and the eddy circulation must be balanced
by the diapycnal processes. This crucial process appears
to be the diffusion in the gyre, which deepens the strati-
fication in both the gyre and the channel. This deepen-
ing leads to cross-isopycnal eddy fluxes, the conver-
gence of which balances the eddy-driven advection. As
the winds increase, the Ekman circulation can balance
the eddy circulation, the residual mean decreases, and
the channel flow is more adiabatic. Quite coinciden-
tally, it appears the base case (which is the most oce-

anically relevant case) may represent a transition be-
tween these two regimes in the model. In terms of
rough magnitudes, using k, = 2 X 107> m?s, f ~ 1074
s L~5%X10°m,Ab ~ gaAT,g=98ms %, a~10"*
K™ !, and AT for the entire channel + gyre region ~20
K, then 8 ~ 150 m, where this number represents the
e-folding depth of the exponential stratification profile.
For the zero-residual-circulation criterion, using (16)
and taking the parameters as in the diffusive case, but
giving AT the appropriate channel value of 5°C and L
the channel width scale of 1 X 10° m, and taking 7, ~
poy P ~ 1000 kgm >, a = 6.4 X 10°m, and 7 = 0.02 N
m ™2, then D ~ 200 m. These two depth scales are simi-
lar in magnitude, lending further support to the idea
that both the diffusion and the condition of no net flow
compete to set the stratification depth. We now turn to
the experimental results found for a variety of wind
stresses.

5. Model results for stratification and transport

A total of eight different wind strengths were inte-
grated to near-equilibration, spanning a range from
zero winds to 5 times the strength of the base case. We
also varied the background diffusion, with a total varia-
tion in the diffusion of a factor of 4. Figure 13 shows
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Fi1G. 14. The same as Fig. 12, but for the base case. Now the depths show little dependence
on the diffusivity. Also included is a line whose slope is consistent with a dependence on the

diffusivity to the one-tenth power.

how stratification depth and transport change with
wind stress. Here, the wind stress is normalized by its
base case value and the depth and transport are nor-
malized by the value in the case with no winds. This
no-winds case appears on the far left of the figure and
is given a nominal value of 0.0001 so that it appears on
the log plot. These depths, shown with the stars, show
little variation with the wind stress for low wind stress
values. However, as the winds are increased beyond the
base case value, the depths increase; with the best fit
being a dependence on 7%, There is some dependence
on the wind, although it is somewhat shallower than the
7 prediction derived using zero-residual-circulation
theory. The circles in the figure show the overall trans-
port in the channel and the triangles show the baro-
clinic portion of this transport. According to zonal ther-
mal wind balance, we expect the baroclinic transport,
Ty, to go as D? since

U,. ~ AbD/f[. and
Tye ~ UpcD,

C
where the first relation comes from thermal wind bal-
ance and the second from integrating U, in the verti-
cal. In the model, the baroclinic transport tends to go as
72, which is consistent with a D* dependence. The total
transport, which is larger than the baroclinic transport
because of a finite barotropic component, also roughly
follows a half power dependence, so that the baroclinic

and barotropic components increase similarly as the
wind increases. This is reasonable, since one expects the
barotropic component to form as a result of the con-
vergence of eddy momentum fluxes, and this conver-
gence will likely increase with increasing eddy kinetic
energy, which itself increases with increasing wind (not
shown).

In the case with no winds, we saw that the gyre in-
ternal thermocline thickness and channel stratification
depth varied as the diffusivity to the one-third power
(Fig. 12). To discover how the stratification depth de-
pends on the diffusivity for larger winds, Fig. 14 shows
the stratification depths of cases with base winds but
varying diffusivity values. Here, the dependence on the
diffusivity is much weaker, showing barely any depen-
dence at all. This suggests the thermocline is no longer
strictly in the diffusive regime and that the zero-
residual-streamfunction condition is playing a role in
setting the stratification depth.

In the base case, the thickness has weak dependence
on the gyre diffusion, but the dependence on the wind
stress is shallower than the zero-residual-flow condition
would imply. This suggests that for moderate to high
winds, the model is in a mixed regime, as shown in our
revised schematic in Fig. 15. Implicit in this result is the
assertion that diffusive processes in the gyre affect the
channel stratification. To support this assertion, Fig. 16
shows a plot of the depth of the channel stratification in
a simulation with only a channel (circles) as well as the















